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a b s t r a c t
We report here the results of a multi-proxy study to reconstruct surface water pCO2 concentrations in the
northern Arabian Sea. Our results show that δ11B and Mg/Ca measurements of the planktonic foraminifer
Globigerinoides sacculifer yield consistent pCO2 values with those reconstructed from the δ13C of alkenones
when used in conjunction with foraminifera δ13C and Cd/Ca values. They reveal that this area of the oceans
has been a constant source of CO2 to the atmosphere during the interval 5–29 ka, and that the intensity of
this source was greatest between 11 and 17 ka, when atmospheric CO2 levels were rising rapidly. We
interpret our data as reﬂecting variation in the strength of the Asian Summer Monsoon (ASM), thus
indicating that the strength of the ASM varied in phase with summer insolation over the Tibetan plateau
between 5 and 29 ka. In contrast to a previous study (Clemens and Prell, 2003), we observe no signiﬁcant lag
between the rise in insolation and the response of the ASM. Rather, our data support a recent study by
Rohling et al. (2009) that northern hemisphere climatic forcing factors play a greater role in controlling the
intensity of the ASM during times of intense monsoon activity, and that the southern hemisphere forcing is
more important during times of weak monsoons.
© 2010 Elsevier B.V. All rights reserved.

1. Introduction
It is well known that atmospheric pCO2 has varied over glacial–
interglacial time scales (Indermühle et al., 1999; Smith et al., 1999),
and there is general consensus that the oceans have played a major
role in regulating these changes (e.g. Broecker, 1982). While there is
considerable debate concerning the exact mechanisms by which the
oceans act to change atmospheric pCO2 (e.g. Archer and MaierReimer, 1994; Anderson et al., 2002), there must have been changes in
the surface areas of the ocean that are supersaturated or undersaturated with CO2 with respect to the atmosphere, or changes in the
magnitude of the degree of supersaturation or undersaturation.
Thanks to many years of intensive oceanographic campaigns, we
now have a good understanding of the present-day geographic
distribution of the pCO2 of ocean surface waters and the CO2 ﬂuxes
between the ocean and atmosphere (Takahashi et al., 2002). Brieﬂy,
the Arabian Sea upwelling system is second only to the Eastern
Equatorial Paciﬁc as an oceanographic source of atmospheric CO2,
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with the major oceanographic sinks occurring at latitudes of 35–55°S
and in the northern North Atlantic and the Norwegian Sea (Takahashi
et al., 2002). Clearly, if we were able to reconstruct maps of past
variations in surface ocean pCO2 we would be in a much better
position to understand the causes of glacial–interglacial changes in
atmospheric pCO2. With this in mind, several proxies have been
proposed for surface water pCO2 and applied to various areas and time
scales. The two proxies that have received the most attention are the
boron isotope (δ11B) composition of planktonic foraminifera (Palmer
and Pearson, 2003) and the carbon isotope (δ13Calk) composition of
alkenones (Pagani, 2002). Recently, it has been proposed that the B/Ca
ratio of planktonic foraminifera might also serve as a pCO2 proxy (Yu
et al., 2007; Foster, 2008). While these studies yield results that
appear to be consistent with other oceanographic and climatologic
observations, there has yet to be a study in which the efﬁcacy of these
proxies is compared at single site over the same time interval.
Here, we report the results of a multi-proxy study (δ11B, B/Ca and
13
δ Calk) of surface water pCO2 values in the northern Arabian Sea over
the past 29 kyr. The basic aspects of the monsoon system in the
Arabian Sea are well understood (Wyrtki, 1973). Strong monsoonal
winds in the area lead to large seasonal changes in hydrography and
particle ﬂuxes. At the most fundamental level the monsoon is
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controlled by changes in atmospheric pressure over the Tibetan
plateau. During the northern winter increases in snow cover and
cooling of the Tibetan plateau and Siberia leads to high atmospheric
pressures over Central Asia. This, in turn, leads to a pressure gradient
between Central Asia and the Inter Tropical Convergence Zone and
drives the northeast winds of the winter monsoon. During the
northern summer, the lower albedo over the Tibetan plateau causes
the overlying air to heat up and rise. The resultant pressure gradient
between Central Asia and the winter high over the southern ocean
generates the Asian Summer Monsoon (ASM) that draws in winds
towards the Tibetan plateau, leading to strong upwelling off the
coast of Oman and advection of these waters into the Arabian Sea.
Alongside this overall controlling mechanism, the strength of the
ASM is also linked to both large scale oceanographic (e.g. ENSO) and
atmospheric (e.g. southern hemisphere tropospheric ﬂow) forcing
functions that can lead to signiﬁcant deviations from a simple
insolation-driven monsoon model (Rodwell, 1997; Schott and
McCreary, 2001).
Biological production in the Arabian Sea is generally low during
winter, but the nutrient- and CO2-rich upwelling water results in
maxima in biological productivity and surface water pCO2 values in
the northern Arabian Sea between July and September (Schulte and
Müller, 2001; Sarma, 2003). This regular seasonal pattern is modulated by both short- (inter-annual) and long-term (orbital-scale)
variations in the strength of the ASM (Wang et al., 2005). In addition,
there is considerable spatial heterogeneity in productivity and
particle ﬂuxes, as a result of limited duration eddies and wind curl
events (Honjo et al., 1999). Hence, any attempt to reconstruct past
variations in surface seawater conditions of the Arabian Sea from
proxies must acknowledge that our understanding of the presentday spatial and temporal variations of these proxies is incomplete
(Wang et al., 2005).

Nevertheless, paleoceanographic studies generally show that over
the past ∼250 kyr the strength of the ASM is dominated by precession
cycles ∼21–23 kyr, that reﬂect orbitally-driven variations in the strength
of summer insolation over the Tibetan plateau (Reichart et al., 1997;
Clemens and Prell, 2003; Yuan et al., 2004; Huybers, 2006). However,
there is disagreement as to whether peaks in ASM intensity are directly
in phase with maxima in summer insolation (Yuan et al., 2004) or
whether the ASM maxima lag insolation curves by up to 8 kyr (Clemens
and Prell, 2003).
This study seeks to apply a multi-proxy approach (δ11B, B/Ca, Mg/Ca,
Cd/Ca) to addressing the coherence between the intensity of the ASM
and the strength of summer insolation over the interval 5–29 ka.
2. Material and methods
We have chosen a site in the northern Arabian Sea as this area is
presently an important source of CO2 from the oceans to the atmosphere
(Takahashi et al., 2002). Our samples were taken from core NIOP464
collected from the southern ﬂank of the Murray Ridge (22.15°N, 63.35°E;
water depth 1470 m). Sediments from this core have been subject to
detailed study, including bulk geochemical composition, foraminifer
abundances, foraminifer stable isotopes, carbon-14 dating and organic
geochemistry (Reichart et al., 1997; Schouten et al., 2000). Foraminifer
data were determined at Southampton (δ11B) and Cambridge (B/Ca,
Mg/Ca and Cd/Ca), and alkenone data were determined at NIOZ using
methods described by Palmer et al. (1998), Palmer and Pearson (2003)
for δ11B, Yu et al. (2005) for element/Ca ratios, and Schouten et al.
(2000) for alkenones.
3. Results
The foraminifer and alkenone data are reported in Table 1.

Table 1
G. sacculifer
Sample

Age
(ka)

δ11B

X3
X10
X11
X14
X18
X27
X32
X40
X45
5b
9
14b
23b
27b
30b
36
40b
51
75
80
84
93
97
106
107
114
116
119
122
127
131
140

7.8
8.6
8.7
9.1
9.5
10.5
11.1
12.0
12.5
13.5
14.0
14.5
15.6
16.0
16.4
17.0
17.5
18.7
21.5
22.1
22.5
23.6
24.0
25.1
25.2
26.0
26.2
26.6
26.9
27.5
28.0
29.0

24.5

B/Ca
(μmol/mol)

G. ruber
Mg/Ca
(mmol/mol)

Cd/Ca
(μmol/mol)

3.69

24.5
24.9
24.3
24.2
24.5
23.5
23.6

114.6
104.0
106.1
100.7
100.8
114.4
105.1

4.08
3.71
4.16
3.87
3.92
3.84
3.89

0.0184
0.0464

25.2
25.2
25.3
24.7
24.9
25.1

96.0
102.3
109.9

4.19
4.16
4.04

0.0303
0.0424
0.0244

118.5

4.05

0.0261

25.1
25.3
25.7
24.7
25.5
25.6

105.0
105.1
110.4
112.4
117.3

3.29
3.35
3.62
3.44
3.56

0.0232
0.0176

25.0

100.8

3.25

0.0243

25.5

113.8

3.66

0.0289

25.3
24.4
25.5

109.8
112.5
119.6

3.64
3.50
3.58

0.0205
0.0224
0.0194

0.0441
0.0411
0.0460
0.0553

0.0255
0.0273

13

Alkenone

δ C

δ13C37

Uk′
37

0.646
0.484
0.629
0.661
0.660
0.764
0.697
0.846
0.842
0.721
0.804
0.818
0.898
0.691
0.431
0.465
0.647
0.430
0.781
0.635
0.454
0.219
0.280
0.727
0.485
0.121
0.421
0.530
0.310
0.169
0.458
0.453

− 22.55
−22.87
−24.05
−22.25
−22.28
−23.44
−23.03
−24.17
−21.88
−22.96
−23.31
−22.86
−23.67
−23.49
−23.72
− 24.04
− 23.74
− 23.63
− 22.01
− 22.34
− 22.37
− 21.75
− 21.79
− 21.32
− 23.13
− 21.50
− 22.37
− 22.18
− 22.81
− 22.91
− 21.72
− 22.03

0.972
0.926
0.931
0.959
0.986
0.949
0.979
0.955
0.924
0.969
0.886
0.928
0.952
0.966
0.904
0.892
0.949
0.844
0.923
0.851
0.895
0.902
0.915
0.859
0.888
0.902
0.877
0.914
0.879
0.925
0.912
0.924
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The age model for sediments from the NIOP464 piston core reported
by Reichart et al. (1998) was established by comparison of the
Neogloboquadrina dutertrei δ18O record with SPECMAP δ18O chronology
(Imbrie et al., 1984; Martinson et al., 1987). In this study we also used
material from the trigger weight core, with cross calibration of the two
cores undertaken by four independent properties (Fig. 1).
The relative abundance of the planktonic foraminifer Globigerina
bulloides has long been used as an indicator of monsoon upwelling
conditions (Prell and Curry, 1981). In contrast, foraminifer assemblages
dominated by Globigerinoides sacculifer and G. ruber have often been
taken to be indicative of non-upwelling conditions (Cayre et al., 1999).
The dynamic and highly variable nature of the monsoon means that
there are considerable spatial and temporal variations in the response of
individual foraminifer species to upwelling (Peeters and Brummer,
2002). However, sediment trap studies during 1986–87 showed that
seasonal variations in the absolute abundances of G. bulloides,
G. sacculifer and G. ruber in the Arabian Sea are similar (Curry et al.,
1992). The numbers of G. sacculifer and G. ruber specimens counted in
the traps are typically 2 orders of magnitude lower than those of
G. bulloides (Curry et al., 1992), so there is considerably more variance in
their distribution patterns. Nevertheless, all three species show broadly
coincident maxima during periods of upwelling (Fig. 2a). Hence, while
the relative abundances of G. sacculifer and G. ruber in the sedimentary
record are lower during upwelling periods (Ivanova et al., 2003)
(because their numbers are diluted by the faster growing G. bulloides)
they carry proxy signals that are dominated by upwelling conditions.
Studies of living G. bulloides and G. sacculifer off the Oman coast
show that their depth distributions overlap at both upwelling and
non-upwelling sites, although it is interesting to note that G. bulloides
occurs at slightly shallower depths than G. sacculifer in upwelling
locations, whereas the opposite is true at non-upwelling sites (Peeters
and Brummer, 2002).
Hence, the G. sacculifer proxy signals likely show an understated
response to upwelling conditions relative to G. bulloides. While it might
be desirable to study pH variations recorded by the δ11B of G. bulloides,
unlike G. sacculifer this species has not been calibrated against this proxy
in core top or culture experiments. Overall, we believe that patterns
illustrated in Fig. 2 (which were derived from a sediment trap close to
the core location), together with the depth distributions of living
G. sacculifer, suggest that the proxy signals measured in this species will
be dominated by variations in the intensity of the monsoon.
The C37–39 alkenones are biomarkers of prymnesiophyte origin,
largely derived from the coccolithophorids Emiliania huxleyi and
Gephyrocapsa oceanica (Brassell, 1993). Analyses of sediment trap
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Fig. 2. a) Species ﬂuxes of G. bulloides (triangles, dashed line), G. sacculifer (diamonds, solid
line) and G. ruber (squares, dotted line) (N 150 μm) in the western Arabian Sea (Curry et al.,
1992). Note, because of the large differences in the numbers of the three species, for ease of
comparison the data are plotted as the daily ﬂuxes (for the 12–13 days of each interval)
divided by the average daily ﬂux for each species over the sampling interval. Curry et al.
(1992) ascribe the absence of data in some of inter-monsoon periods to insufﬁcient
material in the sediment traps to allow for meaningful calculations. b) Flux of alkenones
(solid line) and CaCO3 (dashed line) in the western Arabian Sea (Prahl et al., 2000)
expressed as daily ﬂuxes (for the 12–13 days of each interval) divided by the average daily
ﬂux over the sampling interval.

material collected during 1994–95 from the Arabian Sea show maxima
coincident with the winter and summer monsoons, with the integrated
alkenone ﬂux derived from the summer monsoon being approximately

Fig. 1. Sediment properties used in cross calibrating trigger weight core (open circles) and piston core (black circles) for NIOP464.
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four times greater than that from the winter monsoon (Prahl et al.,
2000) (Fig. 2b). Unfortunately, there were no coincident measurements
of foraminifer assemblages and alkenone ﬂuxes from these two
sediment trap studies. However, bulk CaCO3 ﬂuxes from the 1994–95
study (Prahl et al., 2000) show similar trends to the alkenone ﬂuxes
(Fig. 2b), and visual inspection of the sediment trap material suggests
that foraminifers contribute signiﬁcantly to the total CaCO3 ﬂux and may
indeed dominate this contribution (Prahl et al., 2000).
Hence, while we concur with Wang et al. (2005) that our
understanding of the spatial and temporal distribution of alkenones
and the foraminifer species considered here is incomplete, the balance
of the evidence suggests that the bulk of alkenones, G. sacculifer and
G. ruber recovered from sediments in the northern Arabian Sea will
have formed in the surface waters during summer monsoon periods.
Several studies have shown that the magnitude of the summer
monsoon varies on millennial, centennial and decadal timescales in
response to solar activity and other global climatic drivers, such as
Heinrich events (Agnihotri et al., 2002; Herzschuh, 2006), the El Nino
Southern Oscillation (Abram et al., 2007) and the Atlantic Multidecadal Oscillation (Lu et al., 2006). As it was not always possible to
measure all of the proxies in the same sub sample of core material, we
have presented the proxy data as 3 point running means to smoothen
these short term variations.
Sea surface temperatures (SST) were reconstructed from the
alkenone Uk′
37-index (Brassell et al., 1986) and Mg/Ca ratios of
G. sacculifer (Anand et al., 2003) (Fig. 3). The close agreement between
these independent proxies provides further support to the coincidence
of maxima in alkenone, G. sacculifer and G. ruber ﬂuxes from the surface
ocean during the ASM (Sarma, 2003; Curry et al., 1992).
The pH values derived from the δ11B values (Fig. 4a) utilize the
empirical pH-δ11B relationship derived from culture experiments of
G. sacculifer at different pH values that also account for the potential role
of algal symbionts associated with this species (Sanyal et al., 2001). The
temperature dependence of boron isotope fractionation also has to be
taken into account (using the formulation of Zeebe and Wolf-Gladrow
(2001) and the Mg/Ca data). In addition, a comparison study between
δ11B values measured at Lamont Doherty (i.e. in the Sanyal et al. (2001)
study) and at Southampton revealed a consistent 2.2‰ offset between
the two laboratories (Hönisch et al., 2003; Palmer and Pearson, 2003).
Both this study and that of Sanyal et al. (2001) employed negative ion
thermal ionization mass spectrometry (N-TIMS) to measure the boron
isotope compositions of the foraminifers. This method yields δ11B values
that are consistently higher at equivalent pH values than those measured
by multi-collector inductively coupled mass spectrometry (MC-ICP-MS)
(Foster, 2008), with the latter being more consistent with the most
recent experimental determination of the boron isotope fractionation
factor between B(OH)3 and B(OH)−
4 (Klochko et al., 2006). However,
several laboratories have demonstrated that the empirically calibrated
N-TIMS technique does yield calculated pH values for recent foraminifer
that are consistent with present-day pH values in surface seawater
(Palmer and Pearson, 2003; Hönisch and Hemming, 2005). Overall, we
believe that the apparent δ11B offset generated by the N-TIMS method

Fig. 4. a) Surface water pH reconstructed from δ11B (squares). b) Surface water pH
reconstructed from B/Ca (circles) using KD-temperature relationship of Yu et al. (2007).
c) Surface water pH reconstructed from B/Ca (diamonds) using KD-temperature
relationship of Foster (2008). The data are plotted as 3 pt running means with 1σ error
bars. The average age resolution is ± 0.5 kyr.

does not invalidate its ability to yield reliable pH records because the
offset is compensated for at the calibration stage involving empirical
culture experiments with the foraminifer species under consideration.
The incorporation of B(OH)−
4 into foraminifer carbonate follows
the equilibrium expression (Hemming and Hanson, 1992):
−
CaCO3 + B(OH)−
4 ↔ Ca(HBO3) + HCO3 + H2O

(1)

and the surface water B/Ca ration can therefore be expressed as (Yu
et al., 2007):



½B=CaCaCO3 = KD · BðOHÞ4 =HCO3 seawater

ð2Þ

where the distribution coefﬁcient (KD) is dependent on temperature and
−
the [B(OH)−
4 /HCO3 ]seawater is pH dependent. Preliminary studies on a
limited data set (Yu, 2006) suggest that KD for G. sacculifer follows a
similar temperature relationship to G. inﬂata, which has been constrained
from core top studies, and shows KD increasing with temperature (Yu
et al., 2007). However, in a down core study from the Caribbean Sea,
Foster (2008) observed KD for G. sacculifer decreasing with increasing
temperature. More recently, Tripati et al. (2009) concluded that KD for G.
sacculifer was only weakly dependent on temperature. The pH values
calculated from the KD values derived from Yu et al. (2007) and Foster
(2008) are illustrated in Fig. 4b and c, respectively.
Although the records are not identical, the pH values derived from
the δ11B data and those derived from B/Ca ratios using the Yu et al.
(2007) KD values show broadly similar trends; with pH values of ∼8.2
between 29 and 22 ka, followed by a decrease to values of ∼ 8.05–8.10
between 16 and 9 ka. In contrast, the pH values derived from the B/Ca
ratios using the KD values of Foster (2008) show essentially constant
pH values of ∼ 8.15–8.20 over the entire time span.
4. Calculation of surface water pCO2 and cross calibration of
the proxies

Fig. 3. Sea surface temperatures reconstructed from Uk′
37-index (circles) and Mg/Ca
ratios of G. sacculifer (squares). The data are plotted as 3 point running means with 1σ
error bars. The average age resolution is ± 0.5 kyr.

The seawater carbonate system has two degrees of freedom (Zeebe
and Wolf-Gladrow, 2001). Hence, in addition to pH an additional parameter is required to calculate surface water pCO2. One method is to use
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alkalinity, and assume that alkalinity is proportional to salinity variations
resulting from changes in the volume of the oceans as monitored by sea
level variations (Waelbroeck et al., 2002; Palmer and Pearson, 2003).
This approach yields a change of b20 μeq/kg in alkalinity between 30 and
5 ka (the age range considered in this study). However, it is important to
note that the calculated pCO2 is relatively insensitive to reasonable
uncertainties in alkalinity. For example, an uncertainty of ±50 μeq/kg in
alkalinity leads to an uncertainty of only ±5.5 ppm in pCO2 at a pH of 8.2,
using the carbonate equilibrium constants described in Zeebe and WolfGladrow (2001) — which is well within the analytical error of measurements of either the δ11B value or B/Ca ratio (typically ±20 ppm
in both cases). Similarly, uncertainties of ±2 °C in temperature and ±1
salinity unit, lead to corresponding uncertainties of only ± 3.2
and ±2.5 ppm CO2, respectively, when considering the dependence of
carbonate and borate equilibria on these parameters.
The surface water pCO2 values calculated from the pH reconstructions from the δ11B values and B/Ca ratios, and assuming alkalinity proportional to ocean volume as given by sea level variations (Waelbroeck
et al., 2002) are illustrated in Fig. 5. Again, records derived from the δ11B
and Yu et al. (2007) KD values are more similar to one another than the
pCO2 values derived from the Foster (2008) KD values.
In addition to calculating pCO2 independently from both the δ11B
and B/Ca proxies, they can be combined to yield pCO2 values. The δ11B
values can then be used to derive pH, and hence [B(OH)−
4 ], and the B/Ca
values substituted into Eq. (2) to yield [HCO−
3 ]. With two degrees of
freedom deﬁned within the carbonate system it is then possible
to calculate pCO2 without assuming any value for alkalinity (Foster,
2008). The surface water pCO2 values calculated from the combined use
of the B/Ca and δ11B proxies are illustrated in Fig. 6. The close agreement
between the two curves derived from the different formulations of
the B/Ca KD-temperature relationship clearly illustrate the dominant
role played by pH (as deﬁned by the δ11B data) in deﬁning pCO2 values.
This observation suggests that the B/Ca proxy does not greatly aid in
constraining surface water pCO2, regardless of the nature of the KDtemperature relationship.
Surface water pCO2 records can also be reconstructed from the
alkenone carbon isotope composition (δ13Calk) based on the records of
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Fig. 6. Surface water pCO2 values (3 point running means with 1σ error bars) calculated
from combined use of the δ11B and B/Ca proxies. a) Using the Yu et al. (2007) B/Ca KDtemperature relationship. b) Using the Foster (2008) B/Ca KD-temperature relationship.

carbon isotope fractionation during photosynthetic carbon ﬁxation
(Pagani, 2002). In addition to δ13Calk, this method requires a record of
the δ13C of dissolved inorganic carbon (δ13CDIC) (derived here from
the δ13C of G. ruber) and dissolved phosphate [PO3−
4 ] (derived here
from the Cd/Ca ratio of G. sacculifer (Elderﬁeld and Rickaby, 2000)).
The relevant equations are (Pagani, 2002):
3

εp37:2 = ½ðδd + 1000 = δp + 1000Þ−1 × 10

ð3Þ

Where, δd is the δ13C of the inorganic carbonate (δ13CDIC) in the
mixed layer (obtained from δ13C G. ruber), and δp is the δ13C of the
haptophyte organic matter enriched by 4.2‰ relative to alkenone
δ13C. Surface water pCO2 can then be calculated from:
εp37:2 = εf –b = ½CO2 ðaqÞ

ð4Þ

Where, εf is the carbon isotope fractionation due to carboxylation
(25–27‰, Popp et al., 1998; Goericke et al., 1994).
b=

Fig. 5. a) Surface water pCO2 values calculated from pH values derived from δ11B values
measured in G. sacculifer. b) Surface water pCO2 values calculated from pH values derived
from B/Ca values measured in G. sacculifer and KD values of Yu et al. (2007). c) Surface
water pCO2 values calculated from pH values derived from B/Ca values measured in
G. sacculifer and KD values of Foster (2008). In all three cases alkalinity is assumed to be
proportional to salinity as derived from variations in sea level. The data are plotted as 3
point running means with 1σ error bars.

n

h
i
o
3
118:52 PO4
+ 84:07 = ð25−εp37:2 Þ

ð5Þ

Values for pCO2 are then obtained from the appropriate carbonate
ion equilibrium constants (Zeebe and Wolf-Gladrow, 2001), with
salinity obtained from the sea level curve and temperature from the
Uk′
37-index measured in the alkenones.
A 1‰ uncertainty in δ13CDIC would lead to an ∼25 ppm uncertainty in
the calculated pCO2. This level of uncertainty is similar to the 0.5–1.5‰
offset in δ13C values that are observed in foraminifer species hosting algal
symbionts (such as G. ruber), hence variations of this magnitude have a
minimal impact on estimated pCO2 from alkenones (Pagani et al., 1999).
By comparison, a typical uncertainty of ±10% in the Cd/Ca would lead to
a similar level of uncertainty in the calculated [PO3−
4 ] concentration and a
15 ppm uncertainty in the calculated pCO2 value. The surface water pCO2
values calculated utilizing this approach is illustrated in Fig. 7.
The pCO2 values reconstructed from the δ11B record (Fig. 5a) and
the alkenone record (Fig. 7) yield broadly similar results — with
calculated pCO2 values rising from ∼300 ppm between 29–17 ka, to
maximum values of ∼400 ppm between 16–12 ka, before falling back
to values of ∼350 ppm in the most recent samples. These two
reconstructions are entirely independent, and are not based on any
shared data (other than the age model). This observation is supportive
of the hypothesis that the δ11B and δ13Calk proxies are capable of
yielding reliable reconstructions of surface water pCO2 values when
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Fig. 7. Surface water pCO2 values (3 point running means with 1σ error bars) calculated
from combined use of the δ13Calk and δ13CDIC and Cd/Ca proxies.

used in appropriate combination with other proxies for temperature,
δ13CDIC and nutrient concentrations.
As noted above, Cd/Ca ratios of G. sacculifer can be used to reconstruct
surface water [PO3−
4 ] (Elderﬁeld and Rickaby, 2000). Alternatively,
surface water [PO3−
4 ] can be reconstructed if the surface water pCO2
values reconstructed from the δ11B proxy are assumed to be reliable, and
then inverting the alkenone data to derive the [PO3−
4 ] values required to
achieve the same pCO2 values. Again, the two independent [PO3−
4 ]
reconstructions show broadly consistent patterns, with relatively low
concentrations in the period 29–16 ka, a peak at ∼14–11 ka, and a return
to lower values in the most recent samples (Fig. 8).
5. Discussion
It has been estimated that there is currently a ﬂux of ∼70 ×
1012 g C yr− 1 to the atmosphere from the Arabian Sea, of which the ASM
contributes ∼60% (Sarma, 2003). This ﬂux of CO2 is second only to the
Eastern Equatorial Paciﬁc upwelling system as an oceanic source of
atmospheric CO2 (Takahashi et al., 2002; Sarma, 2003). Fig. 9 illustrates
the pooled pCO2 surface water reconstructions from the δ11B and δ13Calk
proxies, together with the variations in ΔpCO2 (the difference between
the pCO2 of the surface waters and contemporaneous atmosphere, as
derived from the ice core record (Indermühle et al., 1999; Smith et al.,
1999)). It is apparent that this area of the ocean has been a source of CO2
to the atmosphere throughout the entire time interval covered by this
study, although the magnitude of this ﬂux has varied. It is noteworthy
that the maxima in pCO2 and ΔpCO2 are coincident with the second
pulse of the rapid post glacial increase in atmospheric CO2 (Monnin
et al., 2004), hence it is possible that increased intensity of the ASM may
have contributed to this change.
In addition to ΔpCO2, the ﬂux of CO2 between surface seawater and
the atmosphere depends on the CO2 gas transfer velocity, which is in
turn dependent on the surface wind speed (Wanninkhof, 1992).
Because surface wind speeds are greater over the Arabian Sea during
periods of enhanced monsoon activity (Schott and McCreary, 2001),
the magnitude of the CO2 ﬂux from the Arabian Sea to the atmosphere

Fig. 8. Surface seawater [PO3−
4 ] concentrations reconstructed from Cd/Ca ratios of
G. sacculifer (circles), inversion of the alkenone data (squares) (see text for details), and
3 pt running mean of both reconstructions with 1σ error bars. The average age resolution is
±0.5 kyr.

Fig. 9. a) 3 pt running mean of the pooled surface water pCO2 values calculated from the
two methods discussed in the text. b) 3 pt running mean of the ΔpCO2 between pCO2 of
surface waters and contemporaneous atmosphere (Indermühle et al., 1999; Smith et al.,
1999). c) Rate of change of atmospheric CO2 as determined from a 7 pt running mean of
high resolution data from Antarctic ice cores (Monnin et al., 2004). d) Primary
productivity variations in the northern Arabian Sea as reconstructed from application of
principal component analysis and transfer functions to planktic foraminifera assemblages (Ivanova et al., 2003). e) Percentage organic carbon in sediments from NIOP 464
sediment core (Reichart et al., 1997, 1998).

would likely have been greater than implied by the change in ΔpCO2
alone. It is important to note, however, that the net ﬂux of CO2 to the
atmosphere is also dependent on any enhanced biological carbon
ﬁxation and burial associated arising from the concomitant high
nutrient concentrations of the upwelled water (for example, as
illustrated by the higher surface water [PO3−
4 ] shown in Fig. 8).
Indeed, the present-day Arabian Sea is an area of signiﬁcant biological
drawdown of surface water CO2 (Takahashi et al., 2002). However, the
amount of organic carbon preserved in NIOP464 sediments is actually
lower during the period of high pCO2 concentrations (Fig. 9e)
(Reichart et al., 1997, 1998). Ivanova et al. (2003) suggest that this
may be due to reduced primary productivity in the northern Arabian
Sea, but Schenau et al. (2005) also noted that there was a disconnect
between the burial efﬁciency of phosphorus and productivity in the
Arabian Sea during the Late Quaternary, that was due in part to
ﬂuctuations in bottom water oxygen concentrations. Regardless of the
mechanism, it is apparent that high surface water pCO2 concentrations generated from increased intensity of the ASM did not result in a
concomitant increase in burial of organic carbon. Hence, the increased
surface water pCO2 concentrations likely led a net increase in the ﬂux
of CO2 to the atmosphere during ∼11–18 ka.
The potential magnitude of the effect of enhanced ASM intensity on atmospheric CO2 levels may be gauged by comparison with
the present-day. Fossil fuel burning and cement manufacture
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averaged ∼ 6 × 1015 g C yr− 1, leading (among other causes) to a rise
of ∼0.8 ppm yr− 1 in atmospheric CO2 (Boden and Marland, 2009;
Keeling et al., 2009). The present-day CO2 ﬂux to the atmosphere from
the Arabian Sea due to the ASM is ∼40 × 1012 g C yr− 1, arising from a
ΔpCO2 of ∼100 ppm (Sarma, 2003). If the CO2 ﬂux scales directly with
ΔpCO2, the average ΔpCO2 of 140 ppm between ∼11–18 ka would
correspond to an increase of ∼25× 1012 g C yr− 1 in the CO2 ﬂux arising
from the ASM. By analogy with the present-day rise in atmospheric CO2
levels, this would suggest the contribution of the more intense ASM to
rising atmospheric CO2 levels between 11–18 ka was ∼0.003 ppm yr− 1,
compared to an average rise of ∼0.010 ppm yr− 1 over this interval
(Monnin et al., 2004; Fig. 9c).
There has been considerable debate regarding the relative timing
of the ASM and the orbitally-driven temporal variations in the
strength of insolation over the Tibetan plateau (e.g., Ruddiman, 2006;
Clemens and Prell, 2007). While this study only covers a relatively
brief period, it does cover most of a full precession cycle and, by dint of
covering the most recent cycle, it is the most accurately dated period
of the marine record.
Fig. 10 is a compilation of the pCO2 and [PO3−
4 ] records generated in
this study, together with other marine and terrestrial records spanning
the relevant time interval. Also included in Fig. 10 is the summer
insolation record over the Tibetan plateau (Fig. 10c) (Huybers, 2006)
and the Asian Summer Monsoon Stack (SMS) (Fig. 10d) generated by
Clemens and Prell (2003). The SMS is a compilation of ﬁve marine
proxies (δ15N, opal mass accumulation rate, percentage abundance of
G. bulloides, lithogenic grain size, and excess Ba mass accumulation rate)
obtained from two sediment cores from the Owen Ridge off the Oman
margin (Clemens and Prell, 2003). These proxies were then combined
(stacked) and subjected to a principal components analysis to yield the
SMS. Over the 350,000 time period considered by Clemens and Prell
(2003), the SMS lagged the precession-driven, northern hemisphere
summer insolation maximum by an average of 121°, or 7.7 ka. This lag
has been interpreted as being due to a complex interplay between land
surface and ocean feedbacks that produce climatic responses that are of
the same order as radiative forcing, such that the latent heat inﬂux
from the southern hemisphere leads to a delay in the response of the
ASM to the rise in insolation (Clemens and Prell, 2003, 2007). This offset
is seen clearly in Fig. 10 where, for the last precession cycle, the SMS
maximum lags the insolation maximum by 3 kyr.
In contrast, the oxygen isotope compositions of stalagmites from
China extending back to 224 ka, have been used to argue that there is no
discernable delay between the intensity of the ASM and northern
hemisphere insolation (Wang et al., 2001; Yuan et al., 2004; Wang et al.,
2008). Clemens and Prell (2007) countered this observation by arguing
that these Chinese speleothems monitor precipitation associated with
the East Asian monsoon, that has a West Paciﬁc moisture source, and do
not therefore provide a valid record of the strength of the ASM.
However, recent δ18O data from a stalagmite from Socotra Island,
Yemen, which is far removed from the inﬂuence of the East Asian
monsoon, show close agreement with the Chinese stalagmite data and
have been interpreted to suggest that both localities record the isotope
record of precipitation, which is in turn driven by the strength of the
ASM (Shakun et al., 2007). Although the Socotra record is not complete
over the time period considered in this study, Fig. 10e clearly shows the
δ18O values decreasing in phase with the rise in insolation (Huybers,
2006) and with the pCO2 and [PO3−
4 ] proxy records from this study, but
well before the rise in the SMS (Clemens and Prell, 2003).
The Socotra speleothem record also accords with δ15N data from
core NIOP905 from the Somalia margin that shows the strength of the
ASM declining after ∼ 10 ka (Ivanochko et al., 2005) (Fig. 10f), before
the SMS reaches its maximum value. Shakun et al. (2007) noted that
both these records contain a strong signal of the Younger Dryas, and
suggested that, in addition to changes in insolation, the strength of the
ASM was strongly inﬂuenced by the extent of northern hemisphere
climatic forcing during the last deglaciation.
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Fig. 10. a) 3 point running mean (1σ error bars) of pCO2 values of surface seawater. b) 3
point running mean (1σ error bars) of [PO3−
4 ] levels of surface seawater. c) Summer
insolation variations at 30°N (Huybers, 2006). d) Arabian Sea summer monsoon stack
(SMS) (Clemens and Prell, 2003). e) Socotra stalagmite δ18O record (Shakun et al.,
2007). f) δ15 N record from NIOP905 sediment core (Ivanochko et al., 2005). g) Ba/Al
ratios of sediments from NIOP464 sediment core. The composite pCO2 and PO4 records
obscure the Younger Dryas and Heinrich events seen in the Somalia margin proxies, but
as none of these high resolution events are seen in the individual proxy records
measured at NIOP464, except for the physical properties (Fig. 1), this suggests that the
lower sedimentation rate open ocean site at NIOP464 tends to average out conditions
seen in the higher sedimentation rate margin sites.

As noted above, one of the proxies used by Clemens and Prell (2003)
to compile the SMS is the excess Ba concentration measured in
sediments. In this study, we have extended the Ba/Al record of Reichart
et al. (1997) from NIOP464 piston core to 7.6 ka by using sediments
from the trigger weight of the piston core, and replotting the data
according to the age model of Reichart et al. (1998) (Fig. 10g). Again, the
age of the maximum in this proxy coincides with timing of the
maximum insolation over the Tibetan plateau during the last deglaciation (Huybers, 2006) and occurs signiﬁcantly ahead of the peak in the
SMS signal (Clemens and Prell, 2003).
There are several possible reasons for the apparent discrepancy
between the proxy records from this study and others (Wang et al.,
2001; Ivanochko et al., 2005; Yuan et al., 2004; Shakun et al., 2007;
Wang et al., 2008) that appear to show the AMS in phase with insolation,
and the hypothesis that a signiﬁcant lag exists between the peak in
insolation and the strength of the ASM (Clemens and Prell, 2003). It is
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possible that past variations in the surface water pCO2 and [PO3−
4 ]
concentrations and Ba/Al ratios at the site of NIOP464 do not directly
reﬂect the intensity of the ASM if, for example, there were temporal
variations in the depth from which the upwelled waters were derived
and the advection pathway of the upwelled waters into the Arabian Sea.
Indeed, variations in both these parameters are seen on an inter-annual
basis in the modern Arabian Sea (Schott and McCreary, 2001). However,
if this were the case then it would also call into question the marine
records used to generate the SMS index (Clemens and Prell, 2003), and
indeed many other marine records of monsoon activity.
The time period covered in this study is too short to resolve the longstanding debate regarding the phasing of the ASM with insolation and/or
other climate forcing functions over multiple orbital cycles. Nevertheless, the observations presented here are consistent with a recent study
which suggests that northern hemisphere climatic controls exhibit a
stronger control over ASM intensity when the monsoon is strong, thus
explaining the apparent synchronicity between the NIOP 464 ASM
proxies and northern hemisphere insolation (Fig. 10), but that southern
hemisphere processes exhibit a greater control over ASM intensity when
the monsoon is weak (Rohling et al., 2009).
6. Conclusions
We have demonstrated that the δ11B and δ13Calk proxies can yield
reliable and self consistent reconstructions of surface water pCO2
when used in combination with other paleoceanographic proxies of
13
13
temperature (Mg/Ca and Uk′
37-index), δ CDIC (from foraminifera δ C)
and nutrient concentrations (from foraminifera Cd/Ca).
These proxies have been applied to sediments separated from the
NIOP464 core taken from the northern Arabian Sea, and show that this
area has been a constant source of CO2 to the atmosphere over the
interval 5–29 ka. The magnitude of this source shows considerable
variation with time, and was greatest between ∼ 11–17 ka. This period
coincides with the time when atmospheric CO2 levels were rapidly
increasing during the last deglaciation.
The reconstructed surface water pCO2 and [PO3−
4 ] concentrations
show maximum values that are coincident with the maximum in
northern hemisphere summer insolation over the Tibetan plateau. The
timing of these maxima is consistent with other proxy data from the
region from both marine sediment cores and speleothems. In contrast,
the data presented here do not support the 3 kyr lag between the timing
of the summer monsoon maximum and northern hemisphere summer
insolation proposed by Clemens and Prell (2003).
Our observations are consistent with the hypothesis that northern
hemisphere climatic forcing functions play a greater role in controlling of the Asian Summer Monsoon during times of strong monsoons,
and that the southern hemisphere factors are more important during
times of weak monsoons (Rohling et al., 2009).
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